Abstract The atmospheric concentration of the greenhouse gas carbon dioxide, CO 2 , is intimately coupled to the carbon chemistry of seawater, such that the radiative climate forcing from CO 2 can be changed by an array of physical, geochemical, and biological ocean processes. For instance, biological carbon sequestration, seawater cooling, and net CaCO 3 dissolution are commonly invoked as the primary drivers of CO 2 change that amplify the orbitally paced ice age cycles of the late Pleistocene. Based on first-principle arguments with regard to ocean chemistry, we demonstrate that seawater pH change (ΔpH) is the dominant control that effectively sets CO 2 radiative forcing (ΔF) on orbital timescales, as is evident from independent late Pleistocene reconstructions of pH and CO 2 . In short, all processes relevant for CO 2 on orbital timescales, including temperature change, cause pH to change to bring about fractional CO 2 change so as to yield a linear relationship of ΔpH to CO 2 climate forcing. Further, we show that ΔpH and CO 2 climate forcing can be reconstructed using the boron isotope pH proxy more accurately than absolute pH or CO 2 , even if seawater boron isotope composition is poorly constrained and without information on a second carbonate system parameter. Thus, our formalism relaxes otherwise necessary assumptions to allow the accurate determination of orbital timescale CO 2 radiative forcing from boron isotope pH reconstructions alone, thereby eliminating a major limitation of current methods to estimate our planet's climate sensitivity from the geologic record.
Introduction
Atmospheric carbon dioxide (CO 2 ) is a greenhouse gas that causes a radiative forcing of +3.7 W/m 2 per CO 2 doubling (e.g., Byrne & Goldblatt, 2014; Myhre et al., 1998) , and changes in CO 2 have been identified as important drivers of climate change in the geologic past (e.g., Shakun et al., 2012; Sigman et al., 2010; Zachos et al., 2008) . Reconstructing CO 2 change and its associated climate forcing from the geologic record is important for our understanding of the history of physical, chemical, and biological changes in the Earth system. In particular, reconstructing the relationships between CO 2 climate forcing and climatic parameters such as temperature, ice sheet mass, and sea level provides valuable insights into the couplings and feedbacks operating within Earth's climate system and their dependence on the background climate state (e.g., Chalk et al., 2017; Martinez-Boti et al., 2015) . In the context of ongoing warming dominated by anthropogenic carbon emissions Earth's climate sensitivity, the average temperature change per CO 2 doubling, has become a contested parameter of central importance (IPCC, 2014) . Given reconstructions of CO 2 and global temperature change, it is possible to estimate climate sensitivity from the geologic record (e.g., PALEOSENS Project Members, 2012; Rohling et al., 2018) , offering an important test for estimates based purely on computational climate models (e.g., Andrews et al., 2012) and helping to refine estimates of today's climate sensitivity (e.g., Goodwin et al., 2018; Knutti et al., 2017) . This is particularly true for past climate intervals that are warmer than the present, implicitly integrating all known and unknown climate feedbacks operating in the Earth system. However, other than for the last 800 thousand years when ice core records accurately capture CO 2 change and its climate forcing, most methods used to reconstruct CO 2 in the more distant and typically warmer-than-present geological past are indirect and generally associated with substantial stochastic and systematic uncertainties (e.g., Breecker et al., 2010; Foster & Rae, 2016; Franks et al., 2014; Hemming & Hönisch, 2007; Pagani, 2014; Royer, 2006) . These systematic uncertainties in reconstructing atmospheric CO 2 need to be overcome if we hope to robustly constrain the mechanisms of climate change in general and climate sensitivity in particular from the geologic record.
It is well established that pH and CO 2 are closely tied by seawater carbonate chemistry (Figure 1 ), with closely aligned contours of constant pH and CO 2 . We note further that the spacing of contours of constant pH and log 10 CO 2 is very similar, which suggests a near linear relationship between H + and CO 2 . In this study we formally examine this relationship in the context of the boron isotope pH proxy. Our main point is to greatly relax assumptions that are currently required in the reconstruction of CO 2 radiative forcing based on the boron isotope pH proxy, thereby also eliminating a significant source of unnecessary uncertainty and facilitating the exploration of climate sensitivity throughout at least the last 65 million years.
This manuscript is organized as follows. First, in section 2, we lay out the theory that underpins our formalism of the relationship between pH change (ΔpH) and CO 2 radiative forcing (ΔF). Then we use mathematical derivations and numerical solutions to demonstrate the reason why ΔpH and ΔF change in unison regardless of whether these changes are caused by the addition/removal of carbon and CaCO 3 or increases/decreases in temperature. Second, in section 3, we show that the observed relationship of ΔpH change and independently reconstructed ΔF from ice core measurements of the last 260 thousand years indeed agrees with our theory, that ΔpH can be robustly reconstructed using the boron isotope pH proxy even if the boron isotopic composition of seawater is poorly constrained, and that applying our formalism can yield useful constraints on climate sensitivity. Finally, in section 4, we critically assess the caveats and assumptions of our formalism, discussing specifically when our approach should not be applied and considerations for the sampling strategy best suited to constrain ΔF and climate sensitivity from the geologic record. Overall, our study suggests that it is possible to use the boron isotope pH proxy to derive robust estimates of past ΔpH, ΔF, and climate sensitivity even if (a) the cause of past CO 2 change is unknown, (b) the boron isotopic composition of seawater is poorly constrained, and (c) without information on a second carbonate system parameter.
Formalism and Derivations
If the goal is to estimate absolute CO 2 concentrations based on reconstructed pH, then there are no shortcuts to the established formalism (e.g., Zeebe & Wolf-Gladrow, 2001 ), which requires, for example, accurate measurement of boron isotopic composition of planktonic foraminifera, correction for vital effects, temperature and salinity reconstructions, accurate knowledge of seawater boron isotopic composition, equilibrium constant corrections for seawater major ion change, and a fully independent estimate of a second carbon chemistry parameter. The latter point especially is a major problem because no method currently exists to reconstruct seawater carbon concentration or alkalinity and their changes over geologic time. However, to calculate CO 2 climate forcing (ΔF, in W/m 2 ), we do not need to know absolute CO 2 , or even absolute CO 2 change, but only fractional CO 2 change (i.e., the change in the logarithm of CO 2 , ΔlogCO 2 ):
where α 2xCO2 is the sensitivity of the radiative balance per CO 2 doubling, Δlog 2 CO 2 . For large parts of the subtropical and tropical ocean the carbon and acid/base chemistry of surface waters remain near equilibrium with atmospheric CO 2 because of shallow mixed layer depth and strong density stratification that greatly restricts exchange between equilibrating surface water and underlying waters (Rodenbeck et al., 2013; Takahashi et al., 2002 Takahashi et al., , 2009 . Assuming that surface water CO 2 partial pressure in these regions tracks Figure 1 . Illustration of the tight coupling between CO 2 and pH. Across a wide range of dissolved inorganic carbon (DIC) and alkalinity (ALK) concentrations contours of constant pH and constant CO 2 are broadly aligned, with similar spacing between pH and log 10 CO 2 contours. This suggests that H + and CO 2 are approximately proportional across the plotted field of DIC and ALK, which covers more than an order of magnitude CO 2 change. In this study we formally explore the mechanisms and implications of the pH-CO 2 relationship in the context of our ability to reconstruct past CO 2 climate forcing.
atmospheric CO 2 , the fractional CO 2 change relative to a reference, Δlog 10 CO 2 = [log 10 CO 2 ] À [log 10 CO 2 ] reference , can be expressed as follows:
Equation (2a) is the chemical equation for the equilibrium of reversible CO 2 hydration and deprotonation to bicarbonate and free proton, and Equation (2b) quantitatively describes this standard relationship between CO 2 and seawater carbonate chemistry. To yield a distinct pH term in Equation (2c), we take the logarithm of equation (2b). To write Equation (2d) as an expression that relates fractional CO 2 change (Δlog 10 CO 2 ) to pH change (ΔpH), we take the difference between two states of carbonate chemistry written in the form of equation (2c). The other terms appearing in equations (2a)-(2d) are the bicarbonate concentration HCO 3 À , and the carbonate chemistry equilibrium constants K 0 and K 1 . Bicarbonate is by far the dominant form of carbon and therefore approximates the total dissolved inorganic carbon (DIC) concentration. The carbonate system equilibrium constants change with temperature, salinity, and seawater major ion composition.
The basic argument of this study is that the right-hand side of equation (2d) is dominated by ΔpH, and thus past fractional CO 2 change may be usefully constrained by reconstructing pH change alone. If so, combining equations (1) and (2a)-(2d) yields a linear relationship between pH change (ΔpH) and climate forcing from atmospheric CO 2 change (ΔF):
Our formalism posits that fractional CO 2 change is dominantly caused by pH change, without specifying the set of processes responsible for the pH change and without assessing the magnitude of the error incurred by using that approximation. In the following sections we demonstrate that both carbon and CaCO 3 addition/removal (section 2.1) as well as the temperature effects on CO 2 solubility and equilibrium constants (section 2.2) indeed cause very similar fractional change in H + and CO 2 , thereby yielding a linear relationship between ΔpH and ΔF as posited by our formalism.
Carbon and CaCO 3 Addition/Removal
The carbon chemistry of seawater is tied to the overall concentration of DIC and the relative excess of dissolved bases over acids, alkalinity (ALK). Biological production or respiration of soft-tissue organic matter mainly removes or adds carbon to seawater, with only a very small effect on ALK. Conversely, biological production of CaCO 3 and its dissolution act to change ALK and DIC in a strict 2-to-1 ratio. The formalism outlined above presumes that the addition or removal of both DIC and CaCO 3 causes most of its effect on CO 2 by changing the partitioning of DIC among carbonic acid, bicarbonate ion, and carbonate ion, as reflected by pH change, rather than by changing the total dissolved carbon concentration itself (i.e., little change in the HCO 3 À term in equations (2a)- (2d)). To assess the validity of this assertion, we impose DIC and CaCO 3 addition/removal and use a carbonate chemistry solver to calculate the resulting changes in pH and CO 2 (Figure 2 ; see panel a for DIC perturbation and panel b for CaCO 3 perturbation). Our formalism posits that the fractional change in H + equals the fractional change in CO 2 , such that Δlog 10 CO 2 equals ΔpH (i.e., solid black line in Figure 2d ). When cross plotting calculated pH and CO 2 (on a logarithmic axis), we find that both DIC and CaCO 3 addition/removal result in a linear pH-to-log 10 CO 2 relationship, but the slope of that relationship is about 30% steeper for DIC and about 10% less steep for CaCO 3 addition/removal than posited by our formalism. That is, while our basic formalism presumes an equal magnitude of ΔpH and Δlog 10 CO 2 (e.g., equations (2a)- (2d)), the consistent deviations from that expectation for DIC and CaCO 3 addition/removal span an end-member Δlog 10 CO 2 /ΔpH range of about À1.3:1 and À0.9:1 that needs to be propagated when using equation (3) to infer CO 2 climate forcing from pH change.
To clarify why DIC and CaCO 3 addition/removal cause Δlog 10 CO 2 /ΔpH that deviates from unity and to demonstrate that these deviations are robust and expected it is useful to consider, the formal Figure 2 . Sensitivity of CO 2 partial pressure and pH to incremental perturbation of (a) dissolved inorganic carbon (DIC), (b) CaCO 3 with an alkalinity-to-DIC ratio of 2:1, (c) temperature, and (d) the relationships between CO 2 and pH of experiments (a) to (c). Blue and red lines indicate two separate experiments both with an initial CO 2 of 270 μatm but with initial DIC of 1,800 μmol/kg and 2,000 μmol/kg, respectively. The black lines in (d) correspond to the pH-CO 2 relationship predicted from equations (2a)-(2d) (solid) and the numerical solutions as shown in panels (a) to (c) (dashed). The purpose of this figure is to demonstrate that fractional changes in CO 2 and H + are nearly equal (a-c), so as to yield ΔpH-to-Δlog 10 CO 2 relationships close to À1-to-1 (d).
mathematical expressions of CO 2 change in response to a DIC perturbation (i.e., δ C ) and a CaCO 3 perturbation (i.e., δ CaCO3 ), respectively, at constant temperature and salinity (i.e., no change in the equilibrium constants; see also section 2.2 for changing equilibrium constants in response to temperature change). That is, we wish to derive the partial derivatives of equilibrium CO 2 and equilibrium H + , which depend on bicarbonate ion (HCO 3 À ) and carbonate ion (CO 3 2À ) concentration:
In order to write the partial derivatives of CO 2 and H + , we need to know the bicarbonate and carbonate ion partial derivatives to incremental chemical change, and we use the CPF (carbonate proton fraction) notation of Hain et al. (2015) to keep our expressions concise. CPF equates to the fraction of total seawater buffering that is due to the bicarbonate/carbonate ion buffer (i.e., seawater CPF of about À0.65 means that per unit of acid added carbonate ion is reduced and bicarbonate increased by 0.65 units):
The partial derivatives of H + and CO 2 with respect to small perturbations of DIC and ALK (δ C and δ ALK ) are obtained using the quotient and product rule, respectively, and substituting equations (5a)-((5d)) to take the place of the bicarbonate and carbonate ion partial derivatives:
The partial derivative of H + and CO 2 with respect to small perturbation of CaCO 3 (i.e., δ CaCO3 ) is simply the sum of equations (6a)/(6b) and (6c)/(6d) weighted by the 2:1 stoichiometric ALK-to-DIC ratio of CaCO 3 :
To arrive at the final desired expressions of fractional CO 2 change, we separate the differential and rearrange equations (6c) and (7b):
Both equations relate left-hand side fractional CO 2 change (i.e., incremental CO 2 change δCO 2 divided by background CO 2 ) to its underlying carbon chemistry causes due to carbon addition (i.e., equation (8a): incremental carbon addition δC divided by background bicarbonate ion concentration) and CaCO 3 addition (i.e., equation (8b): incremental CaCO 3 addition δCaCO 3 divided by background bicarbonate ion concentration). The curly brackets on the right-hand side are arranged to highlight the effect of changing bicarbonate concentration, whereas the square brackets highlight the effects of changing pH.
Substituting reasonable values for H + /K 2 and CPF into equations (8a) and (8b), we find that the pH effect dominates over the effect of bicarbonate abundance, in the case of DIC addition by about 3.4-fold (i.e., a square bracket pH change term of 5.55 relative to the curly bracket term of 1.65 for the effect of bicarbonate abundance, equation (8a)) and in the case of CaCO 3 addition by tenfold (i.e., a square bracket pH change term of À3.55 relative to the curly bracket term of 0.35, equation (8b)). That is, the relationships between ΔpH and Δlog 10 CO 2 are not exactly À1:1 as approximated in equation (2d), but based on equations equation (8a) and equation (8b), we estimate À1:1.3 for carbon addition/removal and À1:0.9 for CaCO 3 addition/removal (the range between these end-members is shown as gray shading in Figure 2d ).
The slightly stronger and weaker than predicted CO 2 -to-pH relationships for incremental DIC and CaCO 3 addition/removal, respectively, are quantitatively consistent with the carbonate chemistry solver results shown in Figure 2 , underscoring on a mechanistic level that pH change caused by DIC and CaCO 3 addition/removal is the dominant driver of CO 2 change, whereas the much weaker effect of changing bicarbonate abundance is responsible for the deviation of the ΔpH-to-Δlog 10 CO 2 relationship from the À1:1 solely pH-driven slope (i.e., solid black line in Figure 2d ). Based on these deviations, if pH change is known exactly, then Δlog 10 CO 2 and CO 2 climate forcing can be estimated to within the end-member bounds of À10% for purely CaCO 3 -caused and +30% for purely DIC-caused carbon chemistry change (i.e., gray shading in Figure 1d ), with any combination of these drivers yielding less bias relative to the formalism of equations (2a)- (2d) and (3). Later in the manuscript, in section 3.3, we will use this theoretically derived end-member uncertainty envelope when estimating CO 2 climate forcing from pH change.
Temperature Change
All of what is said above ignores the strong effects of temperature on the solubility of CO 2 in seawater and on the equilibrium constants that govern the deprotonation equilibria of carbonic acid and bicarbonate ion: that is, K 0 , K 1 , and K 2 . This raises the question if temperature change associated with CO 2 climate forcing can reduce the utility of our formalism for estimating CO 2 climate forcing from reconstructed pH change. That is, does temperature change CO 2 independently of pH? To address this question, we derive the sensitivity of fractional CO 2 change to incremental change in temperature, and we use a carbonate chemistry solver to confirm that temperature change cause fractional CO 2 and H + changes very close to the posited À1:1 relationship.
Analogous with the derivation of the DIC and CaCO 3 effects above, we use the product rule to arrive at the partial derivative of H + and CO 2 , but this time due to temperature change in absence of DIC or ALK perturbation. Since the speciation of the set concentration of carbon is constrained by the set ALK, we take the partial derivatives of bicarbonate and carbonate ion to be zero (a very good approximation) and only consider changes in the equilibrium constants and the minor species [H + ] and (implicitly) carbonic acid:
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To arrive at the final desired expression of fractional CO 2 change in response to temperature change, we separate the differential and rearrange equation (9b):
From this approximation we find three dominant terms governing CO 2 sensitivity to incremental warming that can be described as (K 0 term) a fractional decrease in CO 2 solubility K 0 causes a fractional CO 2 increase; (K 1 term) at a given pH a fractional increase in the bicarbonate-to-carbonic acid equilibrium constant K 1 causes a fractional CO 2 decrease; and (K 2 term) constant DIC and ALK demand that the carbonate-tobicarbonate ion ratio is nearly constant so that a fractional increase in the carbonate-to-bicarbonate ion equilibrium constant K 2 causes a fractional increase of H + . This latter fractional H + increase, a pH decline, translates to a fractional increase in CO 2 . Put a different way, the K 0 and K 1 effects (curly bracket in equation (10)) operate mainly by changing the abundance and solubility of the least abundant dissolved inorganic carbon species, carbonic acid, whereas the K 2 effect (square bracket) changes the pH at which the main seawater acid/base buffer, bicarbonate-to-carbonate ion, is at equilibrium.
When using a carbonate chemistry solver, we find the net sensitivity of CO 2 to temperature change (at constant DIC and ALK) is about a 4% increase per degree of warming (Figure 2c ), which agrees very well with the sum of the three individual effects isolated in equation (10). Likewise, the carbonate chemistry solver yields about 3.5% H + increase per degree of warming, fully consistent with the square bracket K 2 term in equation (10). All three terms in equation (10) have a similar magnitude, but the two terms (K 0 , K 1 ) that operate through carbonic acid have opposite sign and nearly cancel each other, whereas the K 2 term that operates through pH is unopposed. For this reason, the pH-driven CO 2 change (square bracket) is sevenfold greater than the CO 2 change driven by the combination of carbonic acid solubility and deprotonation (curly bracket; equation (10)). Thus, by fortuitous coincidence, the sensitivities of fractional H + change and fractional CO 2 change to incremental warming or cooling is approximately the same (Figure 2c ), yielding a À1:1.14 ΔpH-to-Δlog 10 CO 2 relationship that is close to the À1:1 approximation in equation (2d), and it falls within the end-member range of DIC and CaCO 3 addition/removal (see section 2.1). That is to say, the net effect of temperature on fractional CO 2 change can be estimated from pH change in the very same way as CO 2 change caused by the addition or removal of DIC and CaCO 3 (Figure 2c and 2d).
Validation and Applications

Relationship of pH and Ice Core CO 2
Our formalism, equation (3), suggests that on orbital timescales there should be a linear relationship between CO 2 radiative climate forcing and pH change of the well-equilibrated subtropical ocean surface, with the slope of that relationship effectively set by the independently determined (e.g., Byrne & Goldblatt, 2014; Myhre et al., 1998) radiative effect per CO 2 doubling. We test this assertion by combining the continuous late Pleistocene ice core atmospheric CO 2 record with overlapping boron isotope measurements on planktonic foraminifera. Recently collected data from ODP Site 999 offers the unique opportunity to rigorously test the theory over the last 260 thousand years.
Ice core CO 2 data are precise, accurate (e.g., Bereiter et al., 2015) , and using equation (1) can be easily converted into climate forcing, ΔF. Foraminiferal boron isotope data can be used to reconstruct surface pH given auxiliary knowledge of temperature and bulk seawater boron isotopic composition (Foster & Rae, 2016; Hemming & Hanson, 1992; Spivack et al., 1993; Vengosh et al., 1991; Zeebe & Wolf-Gladrow, 2001 ). For the purpose of this proof-of-concept test we use Mg/Ca-based sea surface temperature (SST) data only to account for the temperature effect on the pH reconstruction (i.e., pK B temperature dependence; using our formalism, we need not calculate the carbonate chemistry equilibrium constants pK 0 , pK 1 and pK 2 ) and we presume known modern boron isotopic composition of seawater (39.61 ‰; Foster et al., 2010) , as is appropriate for the late Pleistocene given the multimillion year ocean residence time of boron (Lemarchand et al., 2002; Spivack & Edmond, 1987) . The new boron isotope and Mg/Ca data that overlaps with the ice core CO 2 record was measured at the University of Southampton using established and extensively documented methods (Foster, 2008; Foster et al., 2013) . The 1σ age uncertainty of the data is 1 kyr and 1.5 kyr for the for data points younger and older than 10 kyr, respectively.
To account for the significant age uncertainty of the boron isotope data when compared to the well-dated ice core data, we calculate the cumulative probability density of the ice core data within the ±4σ age uncertainty interval, normalized by their respective likelihood given the age difference. This approach yields small uncertainty in CO 2 -driven ΔF at times that coincide with intervals of the ice core record with relatively constant CO 2 , and it yields large ΔF uncertainty for ages corresponding to rapid CO 2 change. That is, while the ice core CO 2 data itself is very accurate and well dated, the age uncertainty of the boron isotope data implies significant uncertainty in ΔF ice-core at the time of the δ 11 B-based reconstruction of pH.
Plotting ΔF ice-core as a function of the corresponding reconstructed pH yields a strong apparent negative correlation (Figure 3 ). We also plot the 1σ uncertainty intervals corresponding to the internal reproducibility of the underlying boron isotope measurement (horizontal error bars) as well as the 1σ of ΔF ice-core corresponding to the age uncertainty the sediment samples (vertical error bars), which together can explain most of data scatter.
To determine the best fitting linear model, we use York regression (York et al., 2004) , which accounts for uncertainty in both x and y. The dark and light blue shading in Figure 3 represents the 1σ and 2σ envelope of the maximum likelihood model (i.e., ΔF/ΔpH = À13.3 W/m 2 ; with 1σ of 0.5 W/m 2 ). That is, the best fitting model through the data is very close to the theoretical ΔF/ΔpH relationship of À12.3 W/m 2 (solid black line in Figure 3 ) and indeed we cannot reject the null hypothesis that the data results from a strict adherence to our basic formalism (i.e., equation (3)) plus random Gaussian error. This error term can be estimated from the residuals to be 1σ of~0.32 W/m 2 , and it corresponds to the superposition of boron isotope measurement uncertainty, age error, air/sea disequilibrium, etc.
In the above analysis we have validated our basic formalism without considering that equation (3) is a useful approximation rather than a first-principle law. As is evident from Figure 2d and equations (8a) and ((8b)(8a)) and (10) the first principle slope of the ΔF/ΔpH relationship is~14%-30% steeper if the driving process is a change in temperature or DIC addition/removal, while it is~10% less steep when caused by CaCO 3 addition/removal. In this context, we can reject the null hypothesis that overall glacial-interglacial CO 2 change and its climate forcing were exclusively driven by either biological sequestration of carbon or ocean alkalinity changes via the open system CaCO 3 cycle. This outcome is consistent with the large body of evidence that glacial cooling, carbon sequestration from the atmosphere, and upper ocean via the biological pump into the deep ocean, as well as whole ocean alkalinity increase related to transient and steady state lysocline change all contributed to ice age CO 2 drawdown (e.g., Hain et al., 2014; Martinez-Garcia et al., 2014; Sigman & Boyle, 2000; Sigman et al., 2010; Wang et al., 2017) . Because the best fitting regressed slope falls between the CaCO 3 end-member on one side and the temperature and DIC end-members on the other side, we conclude that a relatively large portion of overall glacial/interglacial CO 2 change appears to have been driven by changes in whole ocean alkalinity related to transient imbalances in the ocean's open system CaCO 3 cycle, resonating with one of the earliest hypothesis to explain these changes (Broecker & Peng, 1987) . All of these processes have acted at different times in the glacial progression (e.g., Hain et al., 2010) , such that Figure 3 . Relationship between CO 2 climate forcing from ice core CO 2 reconstructions and pH from boron isotope record at ODP Site 999. The regression of the data is shown as blue shading, representing the 1σ and 2σ intervals confidence intervals. The regressed slope is statistically indistinguishable from that predicted by theory (equation (3)), confirming a ΔpH-toΔlog 10 CO 2 relationship close to À1:1. The fact that the best fit regressed slope is marginally lower than theory can be taken as evidence for the relative importance in driving glacial/interglacial CO 2 change of whole ocean alkalinity changes via the open system CaCO 3 cycle. This result is consistent with modeling results Toggweiler, 1999) . their relative contribution to CO 2 drawdown and the effective relationship between CO 2 and pH evolved with time. In this context, it seems plausible to decompose the relative contribution of DIC, alkalinity, and temperature changes to overall glacial/interglacial CO 2 change based on the regression of ΔF/ΔpH, but such analysis would require additional global carbon cycle modeling that is beyond the scope of this study. For the purpose of this work we note that the empirical ΔpH/ΔF slope falls well within the end member ΔpH/ΔF range for DIC and CaCO 3 changes, and that this range can be used to represent the uncertainty in the conversion from ΔpH to ΔF.
Seawater Boron Isotope Composition
The approach described above only requires a record of past pH changes to reconstruct CO 2 climate forcing, thereby making independent knowledge of background ocean carbon concentration (DIC) and temperature for the purpose of calculating the carbon chemistry equilibrium constants K 0 , K 1 , and K 2 , unnecessary. However, to reconstruct pH from boron isotope data (i.e., δ 11 B borate ) still requires independent constraints on the bulk boron isotopic composition of seawater (δ 11 B SW ) as well as temperature and salinity for the purpose of calculating the borate/boric acid equilibrium constant pK B (e.g., Zeebe & Wolf-Gladrow, 2001 ), which is weakly dependent also on seawater major ion composition (Hain et al., 2015) and may thus require minor correction for the deep geologic past (Henehan et al., 2016) . This raises the question: Can we use boron isotope data to reconstruct CO 2 climate forcing in deep geologic time, when bulk seawater boron isotopic composition is poorly constrained and temperature reconstructions are questionable at least in their absolute sense? Or, put a different way, is the boron isotope pH proxy inherently more robust in reconstructing past pH change than in reconstructing absolute pH? To answer these questions, we first consider the established boron isotope pH proxy equation for a single sample (Zeebe & Wolf-Gladrow, 2001 ):
where ϵ and α are the equilibrium boron isotope effect and fractionation factor (i.e., 27.2‰ and 1.0272; see Klochko et al., 2006 ), δ SW is the boron isotopic composition of bulk seawater, δ 0 is the reconstructed boron isotopic composition of borate from which pH is to be calculated, and pK B is the borate/boric acid equilibrium constant when δ 0 was formed. Accurate reconstruction of absolute pH using this formulation requires accurate reconstruction of both δ 0 and δ SW , and accurate auxiliary information on absolute temperature, salinity, and seawater major ion composition to calculate pK B . Notably, δ 0 and δ SW carry equivalent weight in the established boron isotope pH proxy equation but for much of Earth history δ SW is much more uncertain than reconstructions of δ 0 .
To contrast the established formulation, we write the proxy equation for pH change (ΔpH) reconstructed from a set of two borate boron isotope reconstructions, δ 0 and δ 1 :
While δ SW is still required to calculate ΔpH, the dominant boron isotope term in the ΔpH equation is the difference between δ 1 and δ 0 , which has two very significant implications. First, any error in δ SW causes greater error in reconstructed pH than in ΔpH, such that ΔpH can be more accurately reconstructed than absolute pH in the face of δ SW uncertainty. Second, the reconstructed values of δ 0 and δ 1 need to be precise but not necessarily accurate as long as they carry the same systematic bias (e.g., from vital effects and matrix differences between the sample material and the measurement standard), which makes the reconstruction of ΔpH inherently more robust than the reconstruction of absolute pH. Additionally, ΔpK B only weakly depends on only relative changes in temperature, salinity, and seawater major ion composition, not absolute values, such that ΔpK B is smaller and can be more accurately reconstructed than pK B . Overall, our examination of the pH and ΔpH proxy equations demonstrates that reconstructions of ΔpH are both more accurate in the face of δ SW uncertainty and more robust in the face of a number of potential biases than is the reconstruction of absolute pH. We anticipate that this finding will not come as a major surprise to practitioners in the field of boron isotope geochemistry, but to our knowledge, this is the first formal statement of the fact.
Based on the above theoretical considerations, we should be able to recover the correct relationship between CO 2 climate forcing (ΔF) and pH change (ΔpH) even if we were to completely ignore temperature change (e.g., because ΔpK B is only a relatively weak function of temperature change) and even if we were to deliberately introduce significant error in the bulk seawater boron isotopic composition (e.g., because δ SW has little weight on the value of the logarithmic term in equation (12)). To demonstrate the pervasive differences in the reconstruction of pH and ΔpH, we turn again to the comparison of the boron isotope measurements from ODP Site 999 and the coeval ice core record of atmospheric CO 2 (as in Figure 3 ) but this time systematically changing the bulk seawater boron isotopic composition (δ 11 B SW , same as abbreviated δ SW notation in equations (11) and (12)) used in the calculation by ±4.2‰ around its true value of 39.61‰ (Figure 4) . Also, we find no noticeable difference when including or excluding the effect of reconstructed local temperature changes on pK B , and for the purpose of highlighting the role of δ SW uncertainty we show the results where pK B is taken to be constant.
As expected, the very large range of deliberately introduced offset in seawater boron isotopic composition systematically increases/decreases the mean absolute pH by more than 0.07 pH units per 1‰ of δ 11 B SW change ( Figure 4a ). That is, absolute pH is highly sensitive to the assumed δ 11 B SW (see also Pagani et al., 2005) . In stark contrast, however, the pH range covered by the ODP Site 999 data set changes much less as δ
11
B SW is manipulated, such that the regressed ΔF/ΔpH slope changes only mildly even in the face of substantial introduced δ 11 B SW error. Specifically, comparison of the regressed slope (blue envelope) to the relationship theoretically predicted by equation (3) suggests that the theory is a reasonably good predictor for the true ice core-derived ΔF even in the face of δ 11 B SW error as large as ±2‰ (x axis in Figure 4b ΔpH is relatively insensitive to δ 11 B SW error, unlike absolute reconstructed pH.
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We note that we calculate the results shown in Figure 4 using the established pH proxy equation, and that our formulation of ΔpH (i.e., equation (12)) simply expresses the difference between two standard pH reconstructions. The main point we intend to demonstrate in this section is that δ 11 B SW uncertainty affects pH significantly more than it does ΔpH, both reconstructed using the same established boron isotope proxy equation. That is, the boron isotope proxy system inherently yields more robust estimates of past pH change than absolute pH. Earlier we showed in theory (see section 2) and observations (see section 3.1) that pH change (ΔpH) is a strong predictor for CO 2 climate forcing. In that context, our ability to obtain robust reconstructions of ΔpH from the boron isotope proxy is critical.
Climate Sensitivity
Reconstructing CO 2 radiative forcing using the boron isotope pH proxy offers important insights into the role of the global carbon cycle in causing climate change of the geologic past. However, in the context of ongoing anthropogenic climate change and when comparing different periods of geologic time the quantity of interest is often the climate sensitivity S, which is the ratio of temperature change (ΔT) per radiative climate forcing (ΔF; e.g., Knutti & Hegerl, 2008) :
In the case that only the component of total forcing that is due to CO 2 is explicitly considered, the climate sensitivity calculated in this way is commonly referred to as Earth System Sensitivity (ESS; Lunt et al., 2010) , which implicitly includes climate system feedbacks that are fast (e.g., water vapor and clouds) and slow (e.g., dust and ice sheets). Also, there exists a spectrum of alternate definitions of climate sensitivity that explicitly include the component climate forcing of a number of these slow processes (e.g., PALEOSENS Project Members, 2012; von der Heydt et al., 2016) . We note that all formulations of climate sensitivity require constraints on CO 2 climate forcing, which is the focus of our study, but detailed treatment of different types and ways to calculate climate sensitivity is beyond our scope here. That said, given the uncertainties of boron isotope measurements and the range in the ΔpH-to-ΔF conversion for different end-member causes of pH change (i.e., CaCO 3 , temperature and DIC change as described above, Figure 2) , we need to address the question if our formalism can yield sufficiently accurate and precise constraints on ΔT/ΔF. To address this question, we need a target estimate of true ΔT/ΔF and compare it to the equivalent result based on boron isotope data. For this test we again turn to the ice core CO 2 record (as compiled by Bereiter et al., 2015) to yield true CO 2 radiative forcing, which we pair with two independent reconstructions of temperature change over the late Pleistocene glacial/interglacial cycles (global mean surface air temperature MAT and SST taken from Martinez-Boti et al., 2015) . We note that SST does not reflect global mean surface temperature such that using this record is not intended to yield bona fide estimates of climate sensitivity but to evaluate the accuracy and precision of our formalism in constraining climate sensitivity. Conversely, MAT is based on inverse model results of Northern Hemisphere temperature (i.e., van de Wal et al., 2011) scaled to reflect global mean surface temperature for the purpose of calculating climate sensitivity (see Martinez-Boti et al., 2015) .
We interpolate the temperature records at the ages of the 1011 discrete ice core CO 2 data points of the last 260 kyr and determine ΔT/ΔF by regressing the slope of temperature change per ice core CO 2 -derived climate forcing using the York regression method (York et al., 2004) , assuming 1σ uncertainty of 1°C and 5 ppmv for temperature and ice core CO 2 , respectively. This approach yields slopes ΔT MAT /ΔF ice1011 of 2.5°C/(W/m 2 )
and ΔT SST /ΔF ice1011 of 1.2°C/(W/m 2 ), both with a 2σ regression slope uncertainty ±0.09°C/(W/m 2 ; shown as shading in lower panel of Figure 5 ). That analysis, however, is not representative of ΔT/ΔF of the last 260 kyr (for which we have boron isotope data) because uneven sampling results in almost half of the ice core derived CO 2 data points from the last 20 kyr, and more than 80% from the last 100 kyr. When we repeat the analysis but only include the ice core data that are closest to the ages of the boron isotope record (i.e., 59 samples with~4 kyr sample interval), we regress ΔT MAT /ΔF ice59 of 2.5°C/(W/m 2 ) and ΔT SST /ΔF ice59 of 1.3°C/(W/m 2 ), both with 2σ regression slope uncertainty of ±0.4°C/(W/m 2 ; Figure 5 ; MAT and SST regressions shown in red and blue, respectively). We take these ice core CO 2 -based numbers to be the true answer in our test of the boron isotope-based reconstruction. We note that both ΔT MAT /ΔF ice1011 and ΔT MAT /ΔF ice59 are consistent with previous estimates of late Pleistocene ESS climate sensitivity to CO 2 forcing (e.g., see S [CO2] in Table 2 of PALEOSENS Project Members, 2012).
In determining the 2σ range of ΔF boron we use the 2σ uncertainties of the boron isotope measurement of every data point conflated with the lowest and highest end-member slope of the ΔpH-to-ΔF relationship (i.e., the slope for CaCO 3 and DIC change, respectively; see Figure 2 ). That is, ΔF boron includes the uncertainty both of the boron isotope measurement as well as the uncertainty of the conversion from ΔpH to ΔF. This treatment makes the assumption that the ΔpH-to-ΔF slope uncertainty is independent between data points, which can be justified because the reconstructed pH change of each sample is caused by a different combination of CaCO 3 , temperature, and DIC change. For the temperature data to be compared with ΔF boron we Figure 5 . Regression of climate sensitivity ΔT/ΔF based on ice core CO 2 reconstructions (red and blue) and boron isotope data (black/gray), respectively. The four square panels on the top show the regression results using two temperature records, (top) global mean surface air temperature (MAT) and (bottom) sea surface temperature (SST; see Martinez-Boti et al., 2015) , side by side for the two records of climate forcing (ice core: left, and boron isotope: right), whereby the ice core data was subsampled to the ages that are closest to the 59 boron isotope data points. The bottom panel shows the probability density functions for the regressed ΔT/ΔF slope from the above panels, compared to the regressed slope for the all ice core CO 2 data of the last 260 kyr (shading, 2σ). The standard error of ΔF determined from boron isotope data includes measurement uncertainty and the end member range of the ΔpH-to-ΔF conversion.
conflate the uncertainty of the temperature reconstruction (1σ of ±1°C, as above) with the age uncertainty of the boron isotope data, yielding an effective temperature uncertainty only marginally larger than 1σ of ±1°C. Figure 5 ).
Direct measurement of CO 2 on air trapped in ice cores yields inherently much more precise and accurate estimates of CO 2 climate forcing than indirect proxy-based approaches, such as the conventional application or our new formalism for the boron isotope system. Our test case illustrates that ice core-based reconstruction of ΔT/ΔF yields more accurate and precise constraints than can be achieved based on boron isotope data, but the difference is rather modest because fractional uncertainty in temperature reconstructions is typically larger than the fractional uncertainty of the CO 2 climate forcing reconstructed based on either ice core or boron isotope data and thus dominates the uncertainty of the regressed slope ΔT/ΔF (i.e., fractional uncertainty referring to the ratio of uncertainty to the overall recorded signal). That is, our test suggests that boron isotope data can in principle be used to reconstruct climate sensitivity with an uncertainty not substantially larger then based on ice core CO 2 data, when the number of data points is the same. More precise constraints on temperature change and more discrete data points are best suited to reduce the uncertainty of the regressed climate sensitivity, rather than further reducing the uncertainty in reconstructed CO 2 climate forcing. We highlight that our formalism yields adequate constraints on climate forcing without requiring any assumption of a second carbonate system parameter, without knowledge of the carbonate chemistry equilibrium constants (i.e., pK 0 , pK 1 , and pK 2 ; which are strongly dependent on temperature and the major ion composition of seawater), and without highly precise knowledge of the boron isotopic composition of seawater (δ 11 B SW ). Contrary to the conventional application of the boron isotope system, our formalism yields adequate constraints on climate sensitivity using only the boron isotope data, reconstructed local temperature change (to calculate ΔpK B for the ΔpH reconstruction, which is a weak function of relative temperature change), and best guess δ 11 B SW (see section 3.4 and Figure 4 ), all of which can be obtained from the geologic record significantly older than the reach of ice cores.
Discussion and Caveats
The boron isotope pH proxy is firmly established as a tool to reconstruct past ocean pH (e.g., Foster & Rae, 2016; Hemming & Hönisch, 2007; Rae et al., 2011; Zeebe & Wolf-Gladrow, 2001) , and its usage to place constraints on past ocean acid/base chemistry is rapidly increasing. Furthermore, if the sample material originates from the highly stratified and close to air/sea equilibrated subtropical surface, with auxiliary constraints on ambient temperature and an assumption on a second carbonate system parameter (such as DIC and alkalinity), the boron isotope pH proxy is routinely extended to reconstruct past atmospheric CO 2 and its radiative forcing of climate change. It is well established (e.g., Greenop et al., 2017; Pearson & Palmer, 2000; Raitzsch & Hönisch, 2013 ) that this conventional approach relies heavily on accurate and independent knowledge of past seawater boron isotopic composition (δ 11 B SW ) and on the (explicitly or implicitly) assumed seawater carbon content (DIC), alkalinity (ALK), or CaCO 3 saturation state. Beyond the last few million years of Earth history, both δ 11 B SW and these second carbonate system parameters are poorly known, thereby stifling the use of the boron isotope proxy system to investigate the role of the global carbon cycle in forcing climate change throughout most of geologic time. With this paper we hope to lay the groundwork for the robust application of the boron isotope proxy system for geologic periods when δ 11 B SW , a second carbonate system parameter such as DIC, and/or absolute temperature cannot be determined with the previously required degree of accuracy.
In this study we propose three main new concepts to extend the utility of the boron isotope proxy system, respectively relating to (1) δ 11 B SW , (2) the need for a second carbonate system parameter, and (3) the role of temperature change via its effect on carbonate chemistry equilibrium constants and Henry's law.
First, we demonstrate that when δ 11 B SW is poorly constrained the boron isotope proxy system can be used to robustly reconstruct ΔpH, but not absolute pH (Figure 3 ). This result is firmly based in first principle theory. We caution, however, that this approach is only applicable to boron isotope time series that cover no more than a few million years because it assumes that δ 11 B SW is constant within the data set. This timescale is
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Paleoceanography and Paleoclimatology fundamentally set by the ocean residence time of boron, which is canonically assumed to be 10-20 million years (Lemarchand et al., 2002) but may be somewhat shorter (Greenop et al., 2017) .
Second, we demonstrate that that CO 2 climate forcing (ΔF) and its causal fractional CO 2 change (ΔlogCO 2 ) are tightly related to pH change (ΔpH) and fractional change in bicarbonate and DIC (i.e., ΔlogHCO 3 À and ΔlogDIC). We argue that both ΔlogHCO 3 À and ΔlogDIC must be relatively small on timescales shorter than the oceans residence time of carbon with respect to the geologic CO 2 sources and silicate weathering (very roughly 1 million years), such that ΔpH is the overwhelmingly dominant driver of atmospheric CO 2 change and its climate forcing on orbital timescales. That is, even at times when absolute DIC is unknown, we argue it is fair to assume that ΔlogDIC and ΔlogHCO 3 À are small compared to ΔpH reconstructed from a boron isotope data set that spans no more than a few orbital cycles, akin to the late Pleistocene ice age CO 2 cycles that we use to validate our formalism. We caution that relaxing the DIC constraint in this way does not apply to events of abrupt carbon addition in secular steady state with carbonate compensation (i.e., the PaleoceneEocene thermal maximum), in which case ΔlogDIC could significantly contribute to ΔF and relying on ΔpH alone would underestimate ΔF.
Third, while temperature significantly affects both the conventional boron isotope pH proxy and the partitioning of carbon between the atmosphere and seawater, we show that it has a surprisingly weak effect on the relationship between the range of boron isotope measurements in a given data set, the ΔpH reconstructed from this data, and on the climate forcing ΔF inferred from it. To be clear, any information on temperature change will improve reconstructed ΔpH and ΔF because it constrains the presumably small ΔpK terms in equations (2a)-(2d) and (12). To achieve these improvements requires only accurate information on temperature differentials (i.e., temperature information needs to be precise but can be inaccurate) such that accurate information on absolute temperatures is not required. This insight is very convenient even if it is the completely coincidental result of the approximately linear temperature dependence of the pK equilibrium constants (i.e., the exponential temperature dependence of the equilibrium constants K; pK = ÀlogK).
Considering the advantages and caveats outlined above, how can our new approach be used to make useful inferences about past CO 2 climate forcing? And what type of boron isotope sampling strategy is best suited to recover robust reconstructions of CO 2 climate forcing? To illustrate and discuss these questions, we apply our formalism to four boron isotope data sets ( Figure 6 ): the orbitally resolved record of the intensification of northern hemispheric glaciation at the Plio-Pleistocene transition by Martinez-Boti et al. (2015) , the record across the Middle Miocene Climatic Optimum (MMCO) by Greenop et al. (2014) that exhibits but does not fully resolve, orbital-timescale boron isotope changes, and the new highly resolved late and mid Pleistocene records from ODP Site 999 , the former of which we used to validate our formalism.
All these records are short relative to the residence time of boron in the ocean, which precludes significant change in δ
11
B SW over the duration of each time slice. Thus, we use modern δ 11 B SW for the Plio- Figure 6 . Reconstruction of CO 2 climate forcing using equations (3) and (6a)- (6d), based on Pleistocene, Plio-Pleistocene, and mid-Miocene boron isotope records of Chalk et al. (2017) , Martinez-Boti et al. (2015) , and Greenop et al. (2014) , respectively, with uncertainty envelope determined empirically from the offset to CO 2 climate forcing calculated from ice core data (black dots). This new approach for reconstructing CO 2 climate forcing requires no assumption for a second carbon chemistry parameter and is relatively insensitive to error in δ 11 B SW . Our formalism quantifies orbital-timescale CO 2 climate forcing but not long-term changes such as between the different data sets or trends within the longer PlioPleistocene and Miocene data sets. That is, the conversion from ΔpH (right axis) to climate forcing (left axis) according to equation (3) is only valid for records that are shorter than the carbon residence time.
Pleistocene data (39.61‰; Foster et al., 2010) , and a lower δ 11 B SW value of 37.82‰ for the mid-Miocene (Foster et al., 2012; Greenop et al., 2014 ). As we demonstrate here (e.g., Figure 4 ), using slightly different estimates for low mid-Miocene δ 11 B SW (e.g., Lemarchand et al., 2002; Greenop et al., 2017; Raitzsch & Hönisch, 2013) would make no significant difference because pH change reconstruction is much less sensitive to the δ 11 B SW value than is the reconstruction of absolute pH. For all data sets we calculate ΔpH relative to the average δ 11 B borate and relative to the average reconstructed temperature of the respective data set, using equation (12) without approximation. Hence, we can plot the data on the same axes of pH change and CO 2 climate forcing, but this axis only applies to changes within each respective data set and not to changes between them.
The residence time of carbon relative to total weathering is about 200 thousand years but only a fraction of total weathering is due to silicate weathering, such that fractional change of ocean DIC can be assumed to be small on a roughly million-year timescale and shorter. Hence, we cannot quantify a likely small contribution of DIC change (i.e., ΔlogHCO 3 À ) to climate forcing, for example, at the onset of the MMCO at 17.2-16.5 Myr or across the duration of the Plio-Pleistocene time slice at 3.3-2.3 Myr. However, the orbital-timescale changes evident in all three data sets, as well as the abrupt~2.8 Myr step change associated with the intensification of Northern Hemisphere glaciation, are too rapid to allow for significant DIC change and must therefore satisfy our formalism, as is supported by the good agreement with the ice core CO 2 data (Figures 3 and 6 ). As a caution, the orbital-timescale fluctuations during the MMCO are not fully resolved, often supported only by single low-δ 11 B data points and thus prone to be questioned as being outliers. In this context, using a boron isotope record that is sufficiently resolved to support orbital-timescale δ 11 B borate fluctuations with multiple data points is prudent when aiming to reconstruct climate forcing.
Based on these considerations, we argue that data sets that fully resolve orbital timescales over the course of time slices not significantly longer than about 1 million years are most suited for the reconstruction of pH change and CO 2 climate forcing. To the best of our knowledge, such data sets are exceedingly rare at the moment, with most efforts currently aimed at generating long-term, low-resolution records that require highly uncertain corrections for δ 11 B SW and DIC change to reconstruct CO 2 climate forcing. In the absence of detailed constraints on δ 11 B SW and a second carbonate system parameter (e.g., DIC), we argue that only a sampling strategy that targets relatively abrupt transitions or orbital cyclicity can yield robust quantification of pH change and the associated CO 2 climate forcing. Furthermore, samples should be taken from lowlatitude open-ocean sites that are close to CO 2 equilibrium with the atmosphere, and exclude time intervals with known biogeochemical aberrations (such as widespread anoxia or euxinia) that may violate our formalism. With these caveats, we demonstrate that boron isotope data can yield adequate constraints on CO 2 climate forcing.
Ultimately, we hope the formalism, theory, and validation presented in this study opens the door to utilize the boron isotope proxy system to derive quantitative constraints on the various types of climate sensitivity (e.g., Equilibrium Climate Sensitivity, Earth System Sensitivity; cf. Lunt et al., 2010; PALEOSENS Project Members, 2012) . Combined with independent climate reconstructions and ice sheet modeling (e.g., Köhler et al., 2015; PALEOSENS Project Members, 2012; Royer et al., 2016) , these constraints will enable the mapping out of changes in ESS and ECS (e.g., Köhler et al., 2015; von der Heydt et al., 2016) as the planet transitioned from the early Cenozoic greenhouse to the recurring Pleistocene ice ages, improving our understanding of our planet's climate machine as well as honing projections of its future under continued anthropogenic perturbation.
